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Abstract We performed shear deformation experiments using quasi-Maxwell ﬂuids. We found that,
depending on the strain rates, the same material generates earthquakes associated with the elastic rebound
and deforms viscously. Around the threshold, elastic rebound releases a certain fraction of the interseismic
displacement, but the other fraction remains as a result of the viscous relaxation. We applied our
experimental results to a subduction zone, in which the upper part of the hanging wall behaves as an elastic
layer and generates seismicity, while the deeper part behaves as a viscous ﬂuid and subducts with the slab.
Our experimental results suggest that, around the boundary of the elastic and viscous layers, seismicity can
occur, but only some part of the interseismic displacements is released. The experimentally obtained
threshold of the seismic activity is determined by the combination of the subduction velocity vs , the
viscosity of the hanging wall 𝜂 , the fault length W , and the adhesive stress 𝜎a , vs 𝜂∕(W𝜎a ) > 1. This threshold
suggests that if the viscosity of the hanging wall decreases with depth, the maximum size of the
earthquakes also decreases with depth, and, ﬁnally, seismicity disappears. This hypothesis is consistent
with the observed fact that slow earthquakes, characterized by their small magnitudes, are observed at the
downdip limit of the seismogenic zone.
1. Introduction
Seismic activities along the subducting slab change with depth (Figure 1). The shallowest part is known as
the aseismic or tsunamigenic region; beneath it, the seismogenic zone exists, where ruptures for great earthquakes occur. At a suﬃciently deep mantle, seismicity disappears [e.g., Tichelaar and Ruﬀ, 1983; Oleskevich et
al., 1999; Lay et al., 2012; Hyndman, 2013]. Lay et al. [2012] analyze great earthquakes globally and show that
the largest fault displacement associated with ruptures occurs at shallower depths.
Around the downdip limit of the seismogenic zone, slow earthquakes, such as nonvolcanic tremors,
low-frequency earthquakes, and slow-slip events, are observed [e.g., Beroza and Ide, 2011; Obara, 2011]. The
displacement associated with individual rupture event of a slow earthquake is smaller than that of ordinary earthquakes observed at shallower depths. The along-strike source region of a tremor has two peaks,
and up-dip tremor activity occurs episodically, often correlating with geodetically observed slip [Wech et al.,
2009; Obara et al., 2010]. Very low frequency earthquakes, which show relatively larger magnitudes among
slow earthquakes, are observed at the up-dip sides of peaks in tremors [Ito et al., 2009; Obara, 2011]. These
observations suggest that the magnitude of seismicity becomes smaller with depth and disappears at a
certain depth.
The rheology of rocks comprising the earth also varies with depth, and layered rheology, in which an elastic plate overlies a viscous (or viscoelastic) layer, is frequently used. Under deformation, an elastic upper
layer stores elastic energy. When the elastic stress exceeds the frictional strength of a fault, brittle failures
or ruptures occur as sources of seismicity. The frictional strength increases with depth as a function of pressure, whereas the viscous strength decreases with depth as a function of temperature; then rocks deform
as a ductile material at a depth, known as the brittle-ductile transition [e.g., Kohlstedt et al., 1995; Burgmann
and Dresen, 2008]. The rheology of the lower layer may not be a simple Newtonian viscosity [e.g., Freed et
al., 2006] and is commonly modeled using Maxwell or Burgers bodies, which respond to a suﬃciently slow
deformation as a ﬂuidlike material, i.e., permanent displacement can remain without accumulation of elastic
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energy [e.g., Pollitz, 2003; Burgmann
and Dresen, 2008; Wang et al., 2012].
This picture has been investigated
using dislocation models [Nur and
Mavko, 1974; Thatcher et al., 1980;
Savage, 1983; Burgmann and Dresen,
2008; Wang et al., 2012].
The rheology of rocks comprising the
Earth has been estimated from labFigure 1. A cross section of a subduction zone. Black arrows indicate
oratory rock mechanics experiments
decreasing coseismic displacement with depth. Possible viscosity range,
and geodetic observations of post𝜂 , and relaxation time, 𝜏 = 𝜂∕G, are indicated, in which we assume
G ∼ 1011 Pa.
loading strain transients. Laboratory
experiments show that lower crust
and shallow mantle viscosities can become as low as the order of the magnitude of 𝜂 ∼ 1019 Pa s, depending on temperature, strain rate, and H2 O [e.g., Hilairet et al., 2007; Burgmann and Dresen, 2008; Hirauchi et al.,
2010; Hirschmann and Kohlstedt, 2012]. A typical viscosity of the upper mantle estimated by glacial isostatic
adjustment is the order of the magnitude of 𝜂 ∼ 1021 Pa s [e.g., Mitrovica and Forte, 2004]. The viscosities
estimated by geodetic observations for the lower crust and shallow upper mantle are as low as 𝜂 ∼ 1019 Pa s
[e.g., Thatcher et al., 1980; Nishimura and Thatcher, 2003; Hilley et al., 2009; Rousset et al., 2012]. Applying the
constitutive laws of rocks obtained by laboratory experiments, the viscosity of the shallower elastic layer
becomes larger than that of the lower crust because of its low temperature [Yamasaki and Seno, 2005; Muto
et al., 2013]. We thus consider that the viscosities of the viscous layer (lower crust and shallow upper mantle)
and the elastic layer are lower and higher, respectively, than 1021 Pa s, as indicated in Figure 1.
Given that a shear modulus is of the order of the magnitude of G ∼ 1011 Pa [e.g., Dziewonski and Anderson,
1981; Bilek and Lay, 1999] and is only weakly depth dependent as compared to the viscosity, the relaxation
time 𝜏 = 𝜂a ∕Ga which characterizes a Maxwell ﬂuid becomes shorter with depth. Here Ga is the asymptotical
rigidity under an inﬁnitely rapid deformation, and 𝜂a is the asymptotical viscosity under an inﬁnitely slow
deformation; however, we do not know Ga and 𝜂a , so we assume Ga ∼ G and 𝜂a ∼ 𝜂 .
The details of the rheology of the crustal and mantle rocks depend on a number of factors, e.g., temperature, depth, composition, and phase content [e.g., Burgmann and Dresen, 2008]. However, using relaxation
times as a ﬁrst-order approximation, we can simply understand the rheological structure of the Earth. The
shallower more elastic layer is interpreted as a region with a longer relaxation time, and the deeper more
viscous layer is a region with a relatively shorter relaxation time. Since we only considered the eﬀect of the
relaxation time, we have not distinguished here the diﬀerences between viscous, plastic (power law), and
ductile deformations.
Since slow earthquakes are observed around the lower limit of the seismogenic zone, which may be related
to the rheological transition, the eﬀect of anelasticity on slow earthquakes has been suggested [e.g., Nakata
et al., 2011; Ando et al., 2012]. Viscoelastic rheology explains the propagation velocity of seismic activities [Ando et al., 2012]. On the other hand, the slow rupture velocities of slow earthquakes are modeled by
complex frictional characteristics, including ﬂuids and fracturing eﬀects [e.g., Perfettini and Ampuero, 2008;
Suzuki and Yamashita, 2009; Shibazaki et al., 2012; Colella et al., 2013; Matsuzawa et al., 2013]. The complex
friction also can cause transition from stable creeping to a dynamic rupturing [Kuwano and Hatano, 2011;
Noda and Lapusta, 2013; Ujiie et al., 2013].
In order to understand the seismogenesis in a viscoelastic material, frictional sliding experiments using
viscoelastic gels have been conducted [e.g., Baumberger et al., 2002; Corbi et al., 2011; Yamaguchi et al.,
2011; Corbi et al., 2013; Latour et al., 2013a, 2013b]. When a viscoelastic gel slides over a hard plate, it locally
detaches from the plate; the propagation of this detachment is known as a Schallamach wave [Schallamach,
1971] a self-healing slip pulse [Baumberger et al., 2002], or a wrinkle-like slip pulse [Andrews and Ben-Zion,
1997], also known to become a mechanism for reducing frictional heating during an earthquake
[Brune et al., 1993].
The gels used in the above experiments as a rock analogue are viscoelastic solids simulating the delay of
deformation for rapid deformation; they are not suitable for simulating the disappearance of seismicity
NAMIKI ET AL.

©2014. American Geophysical Union. All Rights Reserved.

2

Journal of Geophysical Research: Solid Earth

10.1002/2014JB011135

Figure 2. Schematic stress-strain histories for loading and unloading of (a) viscous, (b) viscoelastic, (c) elastic materials;
in other words, (Figure 2a) slow, (Figure 2b) intermediate, and (Figure 2c) rapid deformations. Circles indicate unloading.
̇ ≪ 1,
When a constant strain rate 𝛾̇ is imposed, the strain 𝛾 increases with elapsed time. Under a slow deformation 𝛾𝜏
the stress 𝜎 is accommodated in a Maxwell body proportional to the strain rate 𝜎 ∝ 𝛾̇ . When unloading occurs, the
̇ ≫ 1,
accumulated strain remains as indicated by the blue arrow in Figure 2a. In contrast, under a rapid deformation 𝛾𝜏
the stress increases proportional to the strain 𝛾 . When unloading occurs, the accumulated strain recovers, as denoted
̇ ∼ 1, some fraction of the accumulated strain
by the red arrow in Figure 2c. Under an intermediate deformation rate, 𝛾𝜏
recovers when unloading occurs as denoted by the red and blue arrows in Figure 2b.

by rheological transition. It is known that a Maxwell ﬂuid under a rapid and slow deformation (≫1∕𝜏
and ≪1∕𝜏 ) behaves like an elastic and viscous media, respectively. At a strain rate around 1∕𝜏 , a Maxwell
ﬂuid shows complex behavior [Sumino et al., 2012]. We, thus, performed a series of experiments using a
quasi-Maxwell ﬂuid to understand the role of rheological transition on the disappearance of seismicity
with depth.

2. Interpretation of the Rheology of Rocks Using 𝝉
Figure 2 shows a schematic stress-strain history for loading and unloading on a Maxwell ﬂuid. Under a slow
deformation in which the strain rate is smaller than the inverse of relaxation time 𝛾̇ ≪ 1∕𝜏 , a Maxwell
ﬂuid responds as a viscous ﬂuid, and the strain remains after unloading, as shown by the circle and the blue
arrow in Figure 2a. For a rapid deformation 𝛾̇ ≫ 1∕𝜏 , the Maxwell ﬂuid stores an elastic energy so that the
strain rebounds, when unloading occurs (Figure 2c). This rebound can be a source of an earthquake. For an
intermediate strain rate of 𝛾̇ ∼ 1∕𝜏 , a certain fraction of the strain remains after unloading, as denoted in
Figure 2b (red and blue arrows).
By comparing Figures 1 and 2, in which subduction velocity vs does not depend on the depth, we infer that
the relaxation time of the upper crust is suﬃciently long so that the strain rate generated by the subducting slabs exceeds the inverse of the relaxation time 𝛾̇ ≫ 1∕𝜏 , i.e., the upper crust is modeled as an elastic
layer and earthquakes occur. In contrast, the relaxation time of most of the mantle is shorter than that of the
upper crust so that 𝛾̇ ≪ 1∕𝜏 , i.e., most of the mantle is modeled as an viscous layer, and earthquakes do
not occur. Figure 2b suggests that earthquakes at the downdip limit of the seismogenic zone, which may be
located within the lower crust or the shallow upper mantle, do not recover all of the strain accumulated in
the interseismic duration.

3. Our Rock Analogue
For our rock analogue, we used a viscoelastic gel, known as a popular toy, slime. Our gel is a “quasi-Maxwell
ﬂuid” made by mixing polyvinyl alcohol and borax solutions. Stiﬀer gels are made by increasing the concentrations of both solutions. The density of the gel is 1.0 × 103 kg m−3 . Here we use the term quasi-Maxwell
ﬂuid for a material in which, under a rapid deformation, the strain is stored as an elastic energy; whereas for
a slow deformation, the elastic energy dissipates viscously, as discussed in Figure 2.
Figure 3 shows the stress-strain histories for loading and unloading of our gel with 𝜏 = 12 s and G = 8.9 kPa
measured by a rheometer (Anton Paar MCR). Here 𝜏 and G are estimated by the dynamic viscoelasticity described below. A thin gel located between the two plates is sheared when monitoring the stress.
We imposed four diﬀerent and approximately constant shear strain rates on the same gel as denoted by
numbers in the ﬁgure and then suddenly removed the imposed stress (𝜎 = 0) at conditions denoted by
NAMIKI ET AL.
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Figure 3. Rheological properties of our gel as a rock analogue, with
𝜏 = 12 s and G = 8.9 kPa. (a) Time evolution of the strains of a gel under
approximately constant shear strain rates and unloading. Black dotted
curves are polynomial ﬁts for the duration of the slow recovery. Crosses
are intersections of black dotted curves and measured strains and are
considered to be unrecoverable strains immediately after unloading.
(b) Stress-strain curves of Figure 3a. The black line is an estimated elastic deformation using G = 8.9 kPa. Dotted lines indicate the stress drop
assuming no recovery, and small arrows indicate the recovered strains.
In Figures 3a and 3b, numbers denoted by the same color of curves
indicate the shear strain rates. Circles indicate unloading.

10.1002/2014JB011135

the circles. Dotted lines in Figure 3b indicate stress drop without any recovery.
First, the strain increases as time elapses.
Following the removal of the imposed
stress, some part of the strain recovers
rapidly, and then recovery of the strain
continues slowly (Figure 3a). Given that
the measured strain oscillates during the
rapid recovery, we determined the strain
after rapid recovering using a polynomial
ﬁtting for the duration of the slow recovery, as denoted by black dotted curves
(Figure 3a). The calculated strains are
denoted in Figure 3 (black crosses).

Figure 3b shows that the measured lines
for strain recovery after removing the
stress are parallel to the black line estimated for elastic deformation by rigidity
irrespective of imposed strain rates, suggesting that elastic rebound occurs. The
elastically recovered strains are denoted by arrows in Figure 3b. Figure 3 also shows that the permanent
strain remains even after the removal of the imposed stress. In Figure 3a, some part of the strain slowly
recovers like an afterslip, but most of the strain remains. The permanent strain becomes larger for a slower
deformation and for a long-time deformation. Such a permanent strain is a result of viscous deformation.
The stress-strain curves shown in Figures 2b and 3b are explained by a solution of the constitutive equation
for a Maxwell ﬂuid,
𝛾̇ =

𝜎
1 d𝜎
+
Ga dt
𝜂a

(1)

where t is time. Assuming constant strain rate 𝛾̇ = 𝛾∕t, where 𝛾 is a strain, which is applicable to both a
subducting slab and our experiments, and integrating equation (1) with the initial condition of 𝜎 = 0 at
t = 0, we obtain the strain-dependent stress
̇
𝜎 = 𝜂a 𝛾(1
̇ − e−𝛾∕𝛾𝜏
).

(2)

Equation (2) indicates that the stress increases with strain and reaches an asymptotical value, lim𝛾→∞ 𝜎 = 𝜂 𝛾̇ .
Figure 3b suggests that asymptotical values of stresses at the inﬁnite strain increase with the strain rate 𝛾̇ . In
contrast, for a small strain, equation (2) indicates elastic deformation where lim𝛾→0 𝜎 = G𝛾 .
Relaxation time and rigidity are measured by using the dynamic viscoelasticity [e.g., Larson, 1999], which is
obtained by imposing a small-amplitude oscillatory shear on a sample,
𝛾(t) = 𝛾0 ei𝜔t ,

(3)

where 𝛾0 is amplitude and 𝜔 is angular frequency.
The expected stress variation for a Maxwell body is obtained as a solution of equations (1) and (3),
𝜎(t) = (G′ + iG′′ )𝛾0 ei𝜔t ,

(4)

where G′ is in phase with the strain and represents the storage of elastic energy, while G′′ is in phase with
the strain rate and represents the viscous dissipation of energy; they are deﬁned by
G′ (𝜔) =

G𝜔2 𝜏 2
G𝜔𝜏
, G′′ (𝜔) =
.
1 + 𝜔2 𝜏 2
1 + 𝜔2 𝜏 2

(5)

Figure 4a shows the dynamic viscoelasticity of a Maxwell ﬂuid with the assumption that G = 7 × 1010 Pa
and 𝜏 = 𝜂∕G = 1010 s.
NAMIKI ET AL.
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Figure 4. Comparison between the Maxwell ﬂuid and our rock analogue. (a, b) Estimated storage G′ and loss moduli
G′′ and the complex dynamic viscosity |𝜂 ∗ | of the mantle, assuming a Maxwell ﬂuid, calculated by equation (5). (c, d)
Measured G′ (squares) and G′′ (triangles) and |𝜂 ∗ | of the gel. Colors indicate the temperature diﬀerence as denoted by
numbers with the same colors.

For a rapid deformation 𝛾̇ ≫ 1∕𝜏 , G′ ≫ G′′ , the Maxwell ﬂuid behaves like an elastic material with a rigidity
G. Whereas for a slow deformation 𝛾̇ ≪ 1∕𝜏 , G′ ≪ G′′ , the Maxwell
ﬂuid deforms viscously with a viscosity 𝜂 .
√
For 𝛾̇ ≫ 1∕𝜏 , the magnitude of the complex viscosity, |𝜂 ∗ | = G′2 + G′′2 ∕𝜔, decreases (Figure 4b).
Figures 4c and 4d show the dynamic viscoelasticity of the gel used in our experiments, measured by a
rheometer. The basic rheology of the gel is similar to that of a Maxwell ﬂuid. We used the strain rate at which
̇ G′ =G′′ , where
the storage and loss moduli become equal to calculate the relaxation time scale 𝜏 = 1∕𝛾|
𝛾̇ = 𝜔∕2π. Given that the rheology of the gel is temperature dependent, we calculated the relaxation time at
room temperature. We measured the relaxation time of the gel at 5, 15, 25, and 35◦ C and interpolated these
values using the Arrhenius equation. We used two diﬀerent gels with varying water concentrations. Both
show similar proﬁles of G′ , G′′ , and |𝜂 ∗ |.

4. Experimental Method
Figure 3 shows that our gel simultaneously deforms viscously and elastically. However, it is not obvious
whether the observed partial rebound in Figure 3 occurs during earthquakes observed on Earth. We next
conducted shear deformation experiments with the apparatus shown in Figure 5 to simulate a situation
in which a subducting plate deforms the viscoelastic crust/mantle (Figure 1). We simulated the diﬀerence
in relaxation times by varying the shear rate. The acrylic tank has inner dimensions with a width of 0.3 m,
height of 0.1 m, and a depth of 0.1 m, and is equipped with an acrylic slider with a length of 0.45 m. The
slider is mounted to a stepping motor (Oriental Motor LAM4B40AW-6) and deforms the overlying gel at a
constant velocity. The force required to move the slider is measured by a load cell (Kyowa LUX-B-1kN-ID)
with a time resolution of 5 × 10−4 s and is recorded through an oscilloscope (Agilent 54624A) with a data
length of 106 and sampling rate of 2–20 kHz, i.e., for a longer experiment, the sampling rate becomes low.
NAMIKI ET AL.
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The measured force data are analyzed
after reducing the time resolution to
2 × 10−3 and 4.2 × 10−3 s by averaging the data to compare the images from
high-speed cameras taken at 500 and
240 frames per second (fps), respectively.
The stress stored in the gel is obtained by
dividing the force by the bottom area of
the gel (0.1 × 0.3 m2 ).
Figure 5. A schematic diagram of the experimental apparatus.

First, we ﬁlled the acrylic tank with a gel,
then we put the roof plate on and waited
at least 3 h so that any residual stress relaxed, which is observed by photoelasticity. We removed the walls
at both sides of the tank so that the gel was surrounded by the front and back walls and the roof plate. We
then started moving the slider as soon as possible after the removal of the sidewalls to prevent the gel from
ﬂowing. We moved the slider a total distance of L = 0.12 m to impose a total strain of 𝛾 = 1.2, with velocities
in the range of 3 × 10−4 < v < 3 × 10−2 m s−1 . We here calculate the strain and strain rate by using the
height of the gel H, 𝛾 = L∕H and 𝛾̇ = v∕H, respectively. We recorded the shear deformation of the gel with
high-speed cameras. Ditect HAS-500 takes snapshots at 500 fps with a resolution of 1024 × 480 pixels and
records for 4.2 s. Casio Exilim ZR-15 takes pictures at 240 fps with a resolution of 512 × 314 pixels and records
the entire duration of each experiment. The images and force data are correlated by using a light-emitting
diode connected to a function generator that regularly lights 2 s of every 4 s. The experimental tank is illuminated from behind. A seam of lights at the tank’s middepth is evident as a thick dark line in Figures 6a, 7a,
and 8a. To visualize the deformation, we suspended several particles in the gel. The particles have diameters
of 6 mm and 2.5 mm. The density of the particle is similar to that of the gel, 1.0 × 103 kg m−3 , so that the relative motion between the particles and the surrounding gel is negligible. Recorded images were analyzed
using MATLAB.

5. Experimental Results
5.1. Shear Deformations
We performed shear deformation experiments under various imposed strain rates, 𝛾̇ . We found that
deformation of the sheared gel depends on the imposed strain rate, 𝛾̇ (Figures 6–8 and Movies S1–S5).
Figure 6a and Movie S1 show the photograph of our gel before and after the deformation at a small imposed
strain rate, 𝛾̇ = 3 × 10−3 s−1 . The shape of entire gel changes, bubbles trapped in the gel are stretched as
denoted by the pink circle, and the conﬁguration of tracer particles embedded within the gel changes after

Figure 6. (a) Photographs of the gel at the start and end of the shear deformation experiment in the direction of the
red arrow. The shear strain rate is 3 × 10−3 s−1 . Dark dots are particles, bubbles, and cracks. The pink circle shows a
deformed bubble. A horizontal dark line at the middepth of the tank is the seam of lights. The curve at the left side in
the bottom photograph is the edge of the gel. The vertical length scale of each photograph is 0.1 m. (b) Time evolution
of the regions surrounded by red boxes in Figure 6a rotated by 90◦ . Corresponding regions are marked by letters of
̇ . The image is artiﬁcially colored to be recognizable.
the alphabet, AA’–DD’. Time and strain increase to the right, 𝛾 = 𝛾t
The bluish and reddish regions show darker and brighter regions in Figure 6a, respectively. Upward shifting trajectories
indicate rightward migration in Figure 6a. The slope of the thick black line indicates the slider’s velocity. The thin black
curve shows the force required to move the slider. The blue marker at the bottom right corner is the length scale, 0.01 m.
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Figure 7. Same as for Figure 6 but with a rapid strain rate, 𝛾̇ = 0.3 s−1 . The pink circle shows a microcrack. The green
arrow indicates a slip event. A close-up view of the range denoted by the asterisk is shown in Figure 9.

shear deformation. In contrast, when the imposed strain rate is high, 𝛾̇ = 0.3 s−1 , the gel does not deform,
and the conﬁguration of the bubbles and particles do not change signiﬁcantly (Figure 7a and Movies S2
and S3). This is because the gel sometimes detaches from the underlying acrylic slider to release the accumulated strain, which may correspond to earthquakes in the natural system. We refer to these phenomena
as slip events in the following. Some cracks appear with a diﬀerent angle of stretched bubbles as denoted by
the pink circle, suggesting the generation of microcracks associated with rupture propagation [e.g., Vermilye
and Scholz, 1998; Kim et al., 2004; Andrews, 2005].
The details of the deformation are visualized by the trajectory of tracer particles embedded within the
gel. Figures 6b, 7b, and 8b show the time-dependent deformation of the gel in the red boxes denoted in
Figures 6a, 7a, and 8a, respectively. Each red box was rotated 90◦ counterclockwise and was aligned in a
rightward direction with time. Corresponding boxes are marked by letters of the alphabet, AA’–DD’. The
image is artiﬁcially colored, and bluish regions show the dark regions in Figures 6a, 7a, and 8a, i.e., particles,
bubbles, and cracks. In Figures 6b, 7b, and 8b, upward slopes indicate the rightward displacement of the
gel visualized by particles embedded in the gel. The slope of the thick black line indicates the velocity of
rightward displacement of the acrylic slider.
When the imposed strain rate is small, 𝛾̇ = 3 × 10−3 s−1 , Figure 6b (DD’, bottom) shows upward slopes
of bluish and reddish regions with the same angle as the thick black line, indicating that the gel deforms
with the slider at this depth, i.e., the bottom of the gel sticks to the slider and moves at the same velocity. The slope angles reduce for shallower panels, i.e., the top of the gel sticks to the roof of the tank and
does not deform. The force required to move the slider shown by the thin black curve abruptly increases
and then remains at approximately the same level. These characteristics and Movie S1 are interpreted as
viscous deformation.

Figure 8. Same as for Figure 6 but with an intermediate strain rate, 𝛾̇ = 0.12 s−1 . The vertical gray curve in Figure 8a is
a line of bubbles that shows the unrecoverable deformation. The pink circle shows a broadening microcrack. A close-up
view of the range denoted by the asterisk is shown in Figure 10.
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In contrast, when the imposed strain rate is
high, 𝛾̇ = 0.3 s−1 (Figure 7b), the slope of the
bluish region is almost ﬂat with some ﬂuctuations, after the initial transient stage (t > 0.5 s).
These ﬂuctuations indicate slip events. During a slip event, a local detachment between
the gel and the slider passes along the bottom plane of the gel in the reverse direction of
the slider and releases the accumulated strain
in the overlying gel (Movies S2 and S3). The
detachment and release of the strain are recognized by the discontinuous drop of the bluish
Figure 9. Same as Figure 7b (bottom) but showing a wider
region, as denoted by the green arrow. This
region of 0.2 m as denoted by E-E’ (Figure 7a) and a shorter
time duration of 1.4 s as denoted by the asterisk in Figure 7. The propagation of detachment is similar
to a Schallamach wave [Schallamach, 1971;
black lines show traces of the rupture passages with calculated
rupture velocities.
Yamaguchi et al., 2011], a wrinkle-like slip pulse
[Andrews and Ben-Zion, 1997], and is a kind of a
failure process. In the panels of Figure 7b (AA’–CC’), amplitudes of ﬂuctuations increase with depth, indicating that the coslip displacement decreases with the distance from the epicenter. In Figure 7b (DD’, bottom),
some cracks newly appear, making the amplitude of ﬂuctuation complicated. The ﬂuctuation of the bluish
region correlates with that of the thin black curve, showing that the accommodated stress in the gel is
released by the slip events.
Propagation velocities of detachments, which correspond to the rupture velocity in seismology, are measured by visual observations. Figure 9 is the close-up view of Figure 7b in the time and strain range denoted
by the asterisk at the EE’ plane in Figure 7a. Slopes of discontinuous displacements associated with slip
events are consistent with the propagation velocity as traced in Figure 9 (black lines ). The calculated
velocity is approximately 5 m s−1 .
At the intermediate imposed strain rate of 𝛾̇ = 0.12 s−1 , slip events occur with increasing total deformation (Figure 8b). The loci of particles shown in the bluish regions continuously migrate up(right)ward, with
intermittent down(left)ward movements. Some cracks appear and broaden around the bottom of the gel,
identiﬁed by the appearance of a new bluish region as denoted by Figure 8b (pink circle). The force required
to move the slider correlates with the ﬂuctuation of the bluish region. The time and strain range denoted
by the asterisk is enlarged in Figure 10. In Figures 10c and 10d, slip events occur repeatedly in a single stress
drop event, as shown by the black arrows. However, the repeated slip events are observed as a single event
by the displacement at shallow depth (Figure 10b). Displacements at the shallowest depth do not represent
the slip events at the bottom of the gel (Figure 10a).

Figure 10. A close-up view of Figure 8b for a time window
of 2 s, as denoted by the asterisk in Figure 8b. (a–d) Spatial
enlargements within the red boxes shown in Figure 8a. Black
arrows indicate the discontinuous deformation of gel showing
the occurrence of slips.
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5.2. Time Variation of the Stress in the Gel
Figure 11 compares histories of stress in the gel,
a ratio of the measured force required to move
the slider to the bottom area of the gel. Colors indicate the diﬀerences in imposed strain
rates, 𝛾̇ (Table 1). When the imposed strain rate
𝛾̇ is suﬃciently high, ﬁrst, the stress increases
with the strain, reaching a maximum, and then
it ﬂuctuates in association with the slip events.
Concurrently, there is a secular stress decrease,
indicating that the stress does not increase
despite the increase in total strain. In contrast,
when the imposed strain rate 𝛾̇ is suﬃciently
small, the amplitude of the stress ﬂuctuations
is also small. The observed maximum stresses
for experiments with slip events are larger than
those for experiments without slip events.
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The apparently thick width of the curve for
𝛾̇ = 3 × 10−3 s−1 is originated from the low
resolution of the data to acquire long time.
These characteristics become obvious in
Figure 12, which summarizes the stress variation as a function of the normalized strain
̇ . Diﬀerent colors and symbols indicate
rate, 𝛾𝜏
the imposed strain rates and gels, respectively (Table 1). For 𝛾𝜏
̇ < 1, the observed stress
increases with 𝛾𝜏
̇ and with small variations,
suggesting a viscous deformation in which
Figure 11. The stress variation required to move the slider as a
stress is proportional to the strain rate. For
function of strain. Colors indicate the diﬀerent strain rates and
𝛾𝜏
̇ > 1, in contrast, the maximum stress is an
correspond to those listed in Table 1.
approximately constant 𝜎 ∼ 6 kPa, while the
minimum and average stress decreased with 𝛾𝜏
̇ . These results suggest that the adhesive stress which sticks
the gel to the slider is approximately 𝜎a ∼ 6 kPa and decreases with repeated slip events.

6. Discussion
6.1. Unrecoverable Displacements After Slip Events
From the above experimental results, we consider that the threshold of a slip event is when the stress within
the gel exceeds the adhesive stress that sticks the gel to the slider, i.e., 𝜎 = 𝜎a . The stress in a deforming gel
̇ 𝛾t
̇ . Here the elapsed time should be shorter than the relaxation
at strain rate 𝛾̇ at elapsed time t is 𝜎 = G(𝛾)
time scale t < 𝜏 . Thus, the condition for slip events can be rewritten as follows:
𝛾𝜏
̇ ⋅ G(𝛾)
̇ > 𝜎a .

(6)

̇ ⋅ G(𝛾)∕𝜎
̇
Figure 13a compares 𝛾𝜏
a with D∕L, where D∕L is the ratio of total displacement of the particles
closest to the
slider
D
to
the
total
displacement of the slider L = 0.12 m (Figure 5). We calculated the rigidity
√
̇ = G′2 + G′′2 and assumed 𝜎a = 6 × 103 Pa, which is approximately the maximum measured stress
by G(𝛾)
shown in Figure 12. Symbols and colors show the diﬀerent gels and imposed strain rates (Table 1).

Table 1. Experimental Conditionsa
Velocity
(mm s−1 )

𝜏
(s)

G
(×104 Pa)

D
(mm)

Height
(mm)

D∕L
(-)

Color

3.0
7.4
0.3
11.9
29.7
14.8
29.7
7.4
14.8
29.7
11.9
8.9
3.0
1.5

26
18
25
19
20
36
41
11
18
13
21
13
11
15

3.9
1.5
−
2.8
1.5
2.4
2.8
−
2.5
2.8
−
1.8
−
−

132
54
96
45
12
24
11
130
71
43
96
100
100
102

6
6
7
3
5
4
7
7
12
5
4
5
9
6

1.11
0.46
0.81
0.38
0.10
0.20
0.10
1.10
0.60
0.36
0.81
0.84
0.85
0.86

light blue
pink
blue
green
red
black
red
pink
black
red
green
yellow
light blue
blue

∗
∗
∗
∗
∗
∗
∗
⋄
⋄
⋄
⋄
⋄
⋄
⋄

Figure 6
Figure 8

Figure 7

a Velocity: Slider velocity. 𝜏 : Relaxation time of the gel at room temperature. G: Rigidity
calculated from the rupture velocities (Figure 9). D: Total travel distance of the particle
nearest the bottom. Height: Height of the particle from the bottom used to measure D.
D∕L: Normalized D by the total displacement of the slider L = 0.12. Colors and symbols
correspond to Figures 11–13. Experiments were conducted in the order listed in this table.
Rheological properties of the gel denoted by asterisk are shown in Figures 4c and 4d.
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If the imposed strain rate is small, 𝛾𝜏
̇ ⋅ G(𝛾)∕𝜎
̇
a < 1,
D∕L is around unity, indicating that the bottom of the
gel continuously adheres to the slider such that viscous deformation takes place. Conversely, when the
̇ ⋅ G(𝛾)∕𝜎
̇
imposed strain rate is high, 𝛾𝜏
a > 1, D∕L gradually decreases. This fact represents the increase in
the total elastic rebound caused by slip events. Thus,
̇ ⋅ G(𝛾)∕𝜎
̇
we conclude that 𝛾𝜏
a is a measure of the
occurrence of slip events.

Figure 12. Summary of the stress variation shown in
Figure 11 as a function of the normalized strain rate. Error
bars indicate the measured stress ranges after the stress
becomes maximum. Symbols indicate the average stress
after the stress becomes maximum. Colors and symbols
indicate diﬀerent strain rates and gels, respectively, and
correspond to those listed in Table 1.

Next, we explain the trend of decreasing D∕L at the
regime 𝛾𝜏
̇ ⋅ G(𝛾)∕𝜎
̇
a > 1, assuming a Maxwell ﬂuid.
Here L is the summation of interslip displacements,
L = nLs , where Ls is an inter-slip displacement before
a slip event, and n is the number of slip events that
occurred during each experiment. A critical interslip
strain for causing a slip event Ls ∕H = 𝛾cs is estimated
from equation (2) with the relation of 𝜂a = 𝜏Ga
(
)
1 𝜎a
𝛾cs = −𝛾𝜏
̇ log 1 −
(7)
.
𝛾𝜏
̇ Ga

On the other hand, D is the summation of unrecoverable displacements after slip events, D = nDs . Using the
interslip critical strain, an unrecoverable displacement is written as Ds ∕H = 𝛾cs − 𝜎a ∕Ga , where 𝜎a ∕Ga is a
strain recoverable by an elastic rebound as associated with a slip event. Thus, we obtain
nDs ∕H
𝜎a
D
=
=1+
(
L
nLs ∕H
𝛾𝜏G
̇ a log 1 −

1 𝜎a
𝛾𝜏
̇ Ga

).

(8)

Figure 13a (black curve) shows that D∕L as a function of 𝛾𝜏
̇ ⋅ Ga ∕𝜎a as calculated by equation (8) explains the
trend of experiments well. We thus conclude that there is a regime in which slip events occur, but some part
̇ ⋅ G(𝛾)∕𝜎
̇
of the strain remains after slip events, and the regime appears around 𝛾𝜏
a ∼ 1.
6.2. Rupture Velocities
Next, we consider the rupture velocity around 𝛾𝜏
̇ ⋅G(𝛾)∕𝜎
̇
a ∼ 1. Figure 13b summarizes the rupture velocities
of slip events as measured by a method similar to that used for Figure 9. We used images of the bottom of

Figure 13. Transition from the viscous to the elastic regime as the imposed strain rate increases. (a) Total displacement
of the particles closest to the slider, D, normalized by the total displacement L = 0.12 m (Figure 5), as a function of
the normalized strain rate from equation (6). The black curve is calculated by equation (8). (b) The measured rupture
velocity at the bottom of the gel, which is calculated from similar slopes of the black lines shown in Figure 9. Horizontal
black lines indicate the shear wave velocity for rigidities of 3 × 103 and 2 × 104 . In Figures 13a and 13b, we assume
𝜎a = 6 × 103 Pa. Symbols and colors correspond to those listed in Table 1.
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the gels taken every 2 ms. We traced the rupture propagation automatically and removed any improper
traces manually. Note that not all ruptures can be traced. Ruptures that are diﬃcult to trace but that can be
tracked visually also show similar velocities (Figure 9). We plotted the average rupture velocity in Figure 13b.
The two black lines in Figure 13b indicate the shear wave velocities for the maximum rigidity of
G(𝛾)
̇ ∼ 2 × 104 Pa and for a rigidity of G(𝛾)
̇ ∼ 3 × 103 Pa when the strain rate corresponds to the inverse of
the relaxation time scale (Figure 4c). The colors and symbols correspond to those in Figure 13a. Figure 13b
indicates that the measured rupture velocities are independent of 𝛾𝜏
̇ ⋅ G(𝛾)∕𝜎
̇
a and similar to the shear wave
̇ = 2 × 104 Pa (Figure 4c). This is because the stress
velocity estimated from the maximum rigidity, G(𝛾)
changes caused by ruptures occur instantaneously. Rapid stress change propagates at a shear wave velocity.
Since ruptures always propagate at a shear wave velocity, irrespective of the amount of viscous relaxation,
we regard the slip events observed in our experiments corresponds to earthquakes in the natural system.
6.3. Implication for the Real Faulting System
6.4. Small Magnitudes at a Depth
Our experiments reveal the threshold for occurrences of slip events on a Maxwell ﬂuid: 𝛾𝜏
̇ ⋅ G(𝛾)∕𝜎
̇
a > 1.
Above this threshold, slip events occur; beneath this threshold, a Maxwell ﬂuid deforms viscously, and slip
events do not occur. Around the threshold, only a certain fraction of the displacement that accumulates
in the interseismic duration is recovered by elastic rebound; the other part remains as unrecoverable displacements. Even in this regime, the propagation velocity of the rupture is consistent with the shear wave
velocity. From these results, we infer that some earthquakes could rebound only some part of interseismic
displacement. In this section, we apply these experimental results to a subduction zone.
In our experiments, we calculated the interseismic shear rate using the height of the gel, v∕H, in which the
shear rate varies with the slider velocity. In a real faulting system in a subduction zone, however, subduction
velocity, vs , is constant; whereas the relaxation time, 𝜏 ∼𝜂a ∕Ga , can vary, as we discussed using Figure 1.
Length scales to calculate the shear rate also vary. The subducting plate sticks to the hanging wall through
localized asperities determining the fault length scale W , which are surrounded by an aseismically creeping
area [e.g., Lay et al., 1982].
The fault length is related to the seismic moment M ∼ GDs W 2 , where Ds is a coseismic displacement (an
elastic rebound). It is known that the seismic moment is proportional to the 3/2 power of the rupture area,
indicating M ∼Δ𝜎W 3 , with a constant stress drop Δ𝜎 [Aki, 1972; Kanamori and Anderson, 1975]. Using
GDs W 2 ∼Δ𝜎W 3 , we obtain Δ𝜎 ∼GDs ∕W , i.e., 𝛾 ∼Ds ∕W . From this scaling, we expect that the extent of
stress accumulation surrounding a fault is scaled with the fault size W , and we obtain 𝛾̇ = vs ∕W ∝ M−1∕3 .
Thus, the imposed strain rates for larger faults become smaller than those for smaller ones, even for the
same subduction velocity.
Substituting 𝛾̇ = vs ∕W into equation (6), the condition for earthquakes is rewritten as
vs 𝜂
> W ∝ M1∕3 .
𝜎a

(9)

In equation (9), we used 𝜂 instead of 𝜏Ga . This is because we do not know 𝜏 . We assume 𝜂a ∼ 𝜂 , where 𝜂 is
the observed viscosity. Here the subduction velocity, vs , does not vary signiﬁcantly. Thus, equation (9) shows
that the combination of viscosity 𝜂 and adhesive stress 𝜎a regulates the maximum size of earthquakes. In a
deeper part, where the viscosity may be lower than in a shallower part, a fault with a small length and low
adhesive stress can cause earthquakes.
Equation (9) qualitatively explains the characteristics of slow earthquakes. Slow earthquakes are observed
beneath the seismogenic zone [e.g., Lay et al., 2012], where the viscosity of surrounding rocks may be lower
because of the high temperature. Observed magnitudes of individual slow earthquakes are much smaller
than those of ordinary earthquakes [Beroza and Ide, 2011]. Estimated stress drops for slow earthquakes are
smaller than those for ordinary earthquakes [Brodsky and Mori, 2007].
If slow earthquakes occur around the threshold, some part of the interseismic displacements remains after
slip events. It is known that there are two peak depths for tremors, and up-dip peaks correlate with geodetically observed slow slips, but downdip peaks do not [Wech et al., 2009]. One possible explanation is the limit
of GPS detection levels. An alternative interpretation is that the recoverable displacements become smaller
with increasing depth.
NAMIKI ET AL.
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6.5. The Low Frequency of Slow Earthquakes
The other characteristic of slow earthquakes is their low frequency [e.g., Beroza and Ide, 2011; Obara,
2011]. Complex frictional law can explain a slow rupture velocity which may be observed at low frequency
[e.g., Perfettini and Ampuero, 2008; Suzuki and Yamashita, 2009; Shibazaki et al., 2012; Colella et al., 2013;
Matsuzawa et al., 2013]. Our experiments suggest an alternative interpretation. In Figure 10 and Movies S4
and S5, some slip events (black arrows) occur successively and are observed as a single slip event with a
slow rupture velocity at shallow depth. This result brings to mind the observation that slow slips are associated with tremors, and the total slip is explained by the summation of the tremors [Rogers and Dragert, 2003;
Hiramatsu et al., 2008].

7. Concluding Remarks
We performed a series of shear deformation experiments using a quasi-Maxwell ﬂuid above a sliding plate
with various shear rates. Under a rapid deformation, the quasi-Maxwell ﬂuid occasionally detaches from
the underlying sliding plate and releases the accumulated strain. The local detachment propagates at a
shear wave velocity similar to real earthquakes. In contrast, under a slow deformation, the quasi-Maxwell
ﬂuid sticks to the sliding plate and deforms viscously. Around the threshold, the detachment propagates at
a shear wave velocity, but only some part of the accumulated strain recovers. Another part remains as an
unrecoverable strain. The threshold is described by the combination of the shear rate, 𝛾̇ , the relaxation time,
𝜏 , the rigidity, G, and the adhesive stress, 𝜎a , as shown in equation (6).
We applied these experimental results to a hanging wall deformed by a subducting slab. In the shallower
region, the hanging wall behaves as an elastic layer, so that the interseismic displacement is intermittently
recovered by earthquakes. In the deeper part, the hanging wall behaves as a viscous layer and descends
with the subducting slab. At an intermediate depth, some part of the inter-seismic displacement is recovered by the elastic rebound generating seismicity, but another part remains and subducts together with the
slab. The threshold is described by a combination of the subduction velocity, vs , the viscosity of the hanging
wall, 𝜂 , the fault length, W , and the adhesive stress 𝜎a , as shown in equation (9).
This threshold indicates that if the viscosity of the hanging wall becomes smaller with depth by higher temperature, the maximum size of earthquakes also becomes smaller with depth. This hypothesis is consistent
with observations in which slow earthquakes characterized by small magnitudes occur at the downdip limit
of the seismogenic zone. Our experimental results provide a possible visual image of slow earthquakes.
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